We applied tomographic inversion and receiver function analysis to seismic data from ocean-bottom seismometers and land-based stations to understand the structure and its
Introduction
The off-Boso area, which is located in central Japan, has a very complicated tectonic setting, as shown in Fig. 1 . Three tectonic plates overlap in this region. In the eastern part of the region, the Pacific Plate (PAC) with an age of 130-140 Myr (Müller et al. 2008) is subducting westward at the Japan Trench beneath the North American Plate (NA) with a relative speed of 8.3 cm/a (DeMets et al. 2010 ). In the southern part of the region, the Philippine Sea Plate (PHS) with an age of 45 Myr (e.g., Ishizuka et al. 2011 ) is subducting northwestward beneath the NA at the Sagami Trough with a relative speed of 3.0-3.8 cm/a (e.g., Seno and Maruyama 1984; DeMets et al. 2010) . The subducted PHS overrides the PAC (e.g., Ishida 1992; Hori 2006), and its northeastern limit has been defined based on the slip directions of the interplate earthquakes (Uchida et al. 2009 ). The PHS subducted northward from 15 Ma to 1-3 Ma, when it changed the subduction direction to northeastward (e.g., Yamaji 2000; Kamata 2003; Takahashi 2006) .
Various seismic and geodetic activities associated with PHS subduction have been observed around the off-Boso area. Large earthquakes have repeatedly occurred in the area (e.g., the Mw7.9 Taisho Kanto earthquake in 1923 and the Mw7.9-8.2 Genroku Kanto earthquake in 1703) and have resulted in severe damage in central Japan, which includes the current Tokyo metropolitan area (Fig. 1 ). Both the Taisho and Genroku earthquakes were thrust events associated with the subduction of the PHS under the overriding NA plate (e.g., Ando 1971; Matsuda et al. 1978; Matsu'ura et al. 1980 Matsu'ura et al. , 2007 Takemura 1994; Wald and Somerville 1995; Namegaya et al. 2011; Sato et al. 2016) .
In addition to regular earthquakes, slow slip events (SSEs) occur with an average interval of approximately 6 years at the interface between the PHS and the NA (e.g., Sagiya 2004; Ozawa et al. 2007; Hirose et al. 2014; Ozawa 2014) beneath the off-Boso area (Fig. 1) . Two SSEs in 2007 and 2011 have been studied in detail using tiltmeters and a nationwide global navigation satellite system (GNSS) network (Hirose et al. 2012 (Hirose et al. , 2014 , which indicated that the SSEs lasted for a few weeks and had moment magnitudes of 6.4-6.6. The Boso SSEs may be related to the seismic activity of small regular earthquakes. The regular earthquake area and the slow slip area do not overlap beneath the Boso Peninsula (e.g., Hirose et al. 2012 Hirose et al. , 2014 . However, the segregation of regular earthquakes and SSEs is not clear in the offshore Sato et al. (2016) and Matsu'ura et al. (2007) . The approximate area of slow slip events is shown in dark gray based on Hirose et al. (2014) . The black dashed line denotes the northeastern limit of the PHS reported by Uchida et al. (2009) . The black arrows indicate the motion of the PAC and the PHS with respect to the NA (DeMets et al. 2010) area because the hypocenter locations of regular earthquakes offshore are not well constrained. The subduction zone structure may also be related to the occurrence of SSEs. SSEs in the Tokai region, 300 km west of the off-Boso area, are thought to only be located at contact zones between the crust of the overriding plate and the crust of subducting plate (e.g., Kodaira et al. 2004; Kato et al. 2010) . Conversely, the relationship between SSEs and the subduction zone structure is unknown off Boso because a detailed three-dimensional structure of the region is not available.
Several offshore observations with ocean-bottom seismometers (OBSs) were made in the northern part of the off-Boso area (Shinohara et al. 2011 following the 2011 Tohoku-oki earthquake. In the southern part of the area, the Japan Agency for Marine-Earth Science and Technology (JAMSTEC) conducted earthquake observations for 1 year starting in March 2012 (Ito et al. 2017a, b) . Even though Ito et al. (2017a) determined the hypocenter distribution and focal mechanisms of the earthquakes in the off-Boso area, they analyzed the earthquakes using a simplified velocity model, which was constructed based on the results of previous studies (Ito et al. 2005; Hino et al. 2009; Nakajima et al. 2009; Nakahigashi et al. 2012 ). Ito et al. (2017b) obtained the three-dimensional velocity structure off Boso by the tomographic inversion; however, they could not reliably determine the velocity structure near the coastline of the Boso Peninsula due to the small number of land-based stations in their study.
The number of stations and methods in this and previous studies (Ito et al. 2017a, b) is summarized in Table 1 . In this study, we extended the studies of Ito et al. (2017a, b) in two ways. First, we increased the land-based data by three times compared to those used in Ito et al. (2017b) in the tomographic inversion to improve the spatial resolution of the velocity structure near the coastline, where SSEs have occurred in the past. The OBS data used in Ito et al. (2017b) were also analyzed in this study. Second, we determined the locations and focal mechanisms of the earthquakes more accurately than those estimated in Ito et al. (2017a) using a tomographically determined velocity structure. In addition to these improvements, this study applied a receiver function (RF) analysis to the teleseismic P waveforms observed at the OBSs, from which seismic velocity discontinuities related to the plate interfaces were detected. The depth conversion was achieved using a three-dimensional velocity model obtained from the tomographic inversion.
The main subjects addressed in the present paper are (1) the shape of the upper boundary and the eastern edge of the PHS based on the velocity structure, the RF analysis, and the locations of the low-angle thrust-faulting earthquakes in the offshore area, where previous studies had not been resolved, and (2) the relationship between the area of the past SSEs and the velocity structure.
Data
We analyzed seismic data from temporary OBS observations operated by JAMSTEC (Ito et al. 2017a, b) and the Earthquake Research Institute (ERI) of the University of Tokyo (Shinohara et al. 2011 . Figure 2 shows the locations of the stations. The JAMSTEC OBSs included four broadband OBSs (BBOBSs) and 20 short-period OBSs (SPOBSs), which covered the southern part of the off-Boso area. The specifications and observational periods of the stations are summarized in Table 2 . The detailed locations and information concerning each OBS station are given in Additional file 1: Tables S1, S2 and in Figure S1 . One SPOBS (S15) was not analyzed due to an internal clock error. We analyzed the seismic signals obtained by the differential pressure gauges due to a problem with a seismic sensor in one of the BBOBSs (BB3). The ERI OBSs included 50 long-term OBSs (LTOBSs) that covered the northern part of the off-Boso area. In addition to the data from the OBSs, we used seismic data from 45 land-based stations and 3 cabled offshore stations operated by the National Research Institute for Earth Science and Disaster Resilience (NIED) (Okada et al. 2004 ). In Ito et al. (2017a, b) , data from only 15 NIED stations were used (Table 1) . We analyzed 1430 local earthquakes (the blue dots in Fig. 2 ) with magnitudes of 1.1-6.3 that occurred from October 2011 to March 2013 in the Japan Meteorological Agency (JMA) catalog to examine the seismic activity and velocity structure. A histogram of the earthquake magnitudes is given in Additional file 1: Figure S2 , showing that most of earthquakes analyzed in this study have magnitudes greater than 2.0. We selected the earthquakes for which at least 10 arrival data were available within three regions that are indicated by the black lines in Fig. 2 . We manually picked the P-and S-wave onset times from the vertical and horizontal components of the OBS data, respectively. The picking accuracies for Pand S-wave arrival times are 0.1 and 0.2 s, respectively. In addition, we recorded the polarity of the P-wave first motions when available. Example of seismic record for a local earthquake is shown in Additional file 1: Figure S3 .
We collected the arrival data of the P-and S-waves and the P-wave first motion data from a catalog provided by JMA for the land-based and cabled offshore stations. The total numbers of P-and S-wave arrivals used for the initial hypocenter relocation were 47,972 and 27,286, respectively. Of these data, 47,293 and 25,184 data for the P-and S-waves, respectively, were used as the absolute travel times for the tomographic inversion. A total of 120,455 and 57,817 data for the P-and S-waves, respectively, were used as the differential travel times in the tomographic inversion.
For the RF analysis, teleseismic P-waves were collected from seismic records observed at the OBSs. We selected events from the United States Geological Survey (USGS) catalog with the criteria of epicentral distances of 30-90° and magnitudes of > 5.5 ( Fig. 3) . We hand-picked the P arrival times in the frequency band of 0.5-2 Hz. We list the number of events for the RF analysis in Additional file 1: Tables S1 and S2. We applied the RF analysis to the records obtained by 64 of the 74 total OBS stations. We selected the OBS stations for which at least 10 events could be picked manually and the horizontal orientation of the OBS could be determined (see "RF analyses" section). The number of events used at each OBS was 10-68.
Method

Seismic activity and velocity structure
First, we obtained the initial hypocenters for the tomographic inversion using the NonLinLoc software (Lomax et al. 2000) and a one-dimensional JMA2001 velocity model (Ueno et al. 2002) . Next, the three-dimensional Pand S-velocity structures and earthquake locations were determined using tomoDD (Zhang and Thurber 2003) . We evaluated the spatial resolution of the velocity model on both the recovered checkerboard resolution test pattern (Spakman and Nolet 1988) and using the derivative weight sum (DWS) values (Thurber and Eberhart-Phillips 1999) . The above-mentioned analysis procedure was basically the same as that used by Ito et al. (2017b) . The model space for the tomography was expressed using orthogonal coordinates, as shown in Fig. 4 . The horizontal grids were set at intervals of 20 km, which was comparable to the average spacing of the OBS stations, and the vertical grid was set at intervals of 5 km down to 50 km.
After the tomographic inversion, the FOCMEC code (Snoke 2003 ) was used to determine the focal mechanisms from the P-wave polarity data. We used the hypocenter locations, take-off angles, and azimuths obtained by tomoDD.
RF analyses
It is necessary to determine the horizontal orientations of the OBSs to obtain a radial-component seismogram for the RF analysis. We estimated the orientations from an early part of the P-wave first motion of teleseismic events (e.g., Nakano et al. 2012 ) at frequencies of 0.02-0.05 Hz and 0.03-0.1 Hz for the BBOBSs and LTOBSs, respectively. The orientations can be estimated by maximizing the correlation between the P waveform rotated from two horizontal-component seismograms and the P waveform on the vertical-component seismogram. The orientation of one LTOBS (q5) was not obtained due to low-quality data. For the SPOBSs, which were equipped with a higher natural frequency sensor than the BBOBSs and LTOBSs, we estimated the orientations using the T-wave particle motion of the near-field events (Shan et al. 2012; Tonegawa et al. 2017 ) because we could not find a reliable orientation for the SPOBSs using teleseismic P-waves.
The T-waves are useful for the SPOBSs because the horizontal particle motion of a T wave is nearly linear and directed toward an epicenter. The estimated orientation with this method included an arbitrary 180°. Two SPOBSs (S11 and S14) were not used for the RF analysis because the estimated orientation varied depending on the earthquake and we could not obtain a reliable value.
The ray paths of major seismic phases isolated from teleseismic P wave for seafloor observation are shown in Additional file 1: Figure S4 . The RFs were calculated through a spectral division of the radial components by the vertical components with a water level of 0.001 (e.g., Langston 1977 Langston , 1979 . We used a time window from − 2 to 3 s from the picked P arrival times in the vertical component to avoid contamination of water reverberation in the deconvolution (Tonegawa et al. 2018 ) and applied a cosine taper of 10% of the time window. The time window of the radial component was from − 2 s to 14 s from the picked P arrival times. We applied a bandpass filter of 0.5-2.0 Hz to the RFs.
We calculated the synthetic RFs with reflectivity method (Kennett 1983 (Kennett , 2001 at one OBS (q4) to examine the appropriate time window in the vertical component for the deconvolution. Figure 5b shows the synthetic waveforms of the vertical and radial components from a teleseismic event with a slowness of 0.062 s/km. These waveforms were calculated using a one-dimensional velocity and density model that was simplified from the three-dimensional velocity structure obtained by the tomographic inversion ( Fig. 5a ) at station q4. The density was estimated from Vp using an empirical relationship (Brocher 2005) . Figure 5c shows the two synthetic RFs obtained by deconvolution using vertical-component seismograms with time windows from − 2 to 20 s and from − 2 to 3 s. The RF using a time window from − 2 to 20 s (the top panel in Fig. 5c ) is noisier compared to that using a time window from − 2 to 3 s (the bottom panel in Fig. 5c ) because water reverberation contaminates the RF for the case of the time window from − 2 to 20 s. In the case of the time window from − 2 to 3 s, the The peaks indicated by the red and blue arrows are produced by the subseafloor boundaries indicated by the top of the basement and the Moho of the PAC, respectively, which are indicated by the red and blue arrows in a. The peak indicated by the black arrow is produced by PsSs (multiple reflections in the sediment). The peak indicated by the gray arrow is produced by PwPs (multiple reflections caused by a seawater layer) RF amplitudes associated with the real subseafloor velocity boundaries, such as the top of the basement and the Moho of the PAC, can be clearly seen compared to those in the case of the time window from − 2 to 20 s. Therefore, we decided to use the time window from − 2 to 3 s in the vertical component for the deconvolution.
To convert from a time-domain RF to a depth-domain RF, we employed the three-dimensional velocity model obtained in this study. Prior to the conversion from the time-domain to the depth-domain, we time-shifted the time-domain RF by Tps (the differential travel time of the P-and S-waves in the shallow sediments above the Cretaceous layer) because the tomographic model was obtained from travel-time data that were corrected for the shallow sediments. Therefore, the Ps amplitudes at 0 km of the resulting depth-domain RFs are the converted phase at the top of the Cretaceous sediment and the functions are plotted from the depth of the top of the Cretaceous sediment, which can be estimated from Tps and Vp/Vs in the shallow sediments, in the RF imaging. Methods to obtain parameters with respect to shallow sediments such as Tps and Vp/Vs are described in Ito et al. (2017b) . For the RF imaging, a common conversionpoint stacking technique (e.g., Yamauchi et al. 2003; Tonegawa et al. 2005) was used with a cell size of 1 km × 1 km in the horizontal and depth directions.
Results
Low-angle thrust-faulting earthquakes
We determined the hypocenter locations of 1302 earthquakes with errors of less than 3 km in the horizontal direction and 4 km in the depth direction by the tomographic inversion (Additional file 1: Figure S5 ). We obtained the focal mechanisms solutions for 488 earthquakes, and the location errors of the earthquakes are less than 2.9 km and 3.3 km in the horizontal and vertical directions, respectively. We selected focal mechanism solutions in which the number of inconsistent polarity data was less than 20% of the total polarity data. The focal mechanisms of 268, 162, and 22 earthquakes were reverse, normal, and strike-slip faulting types, respectively, following the classification of Frohlich (1992) . Figure 6a shows the distribution of 214 low-angle thrust-faulting earthquakes, which are defined as reverse faulting earthquakes that have a nodal plane dip angle of less than 35°. Of these, we indicate the earthquakes associated with PAC and PHS subduction with light blue and magenta, respectively, as described below. A total of 156 earthquakes had focal mechanisms consistent with PAC subduction (E-W). These events have focal depths within 6 km of the upper boundary of the PAC proposed by Nakajima et al. (2009) (the brown line in Fig. 6 ). In the part shallower than the PAC upper boundary by more than 6 km, 28 earthquakes had focal mechanisms consistent with PHS subduction (NW-SE) or the PHS dip direction (N-S), which we interpreted as earthquakes associated with PHS subduction. The rest of the lowangle thrust-faulting earthquakes are shown in black and gray; the focal mechanisms shown in gray have nodal planes inconsistent with the PAC and PHS subduction directions, and those shown in black are not thought to be interplate earthquakes due to their focal depths. Figure 6b and c shows depth profiles of the focal mechanisms along the lines a-a′ and b-b′ in Fig. 6a . In the north to northeastern limit of the PHS proposed by Uchida et al. (2009) , the focal mechanisms are plotted in the depth profile along the line a-a′ ( Fig. 6b ). Most of the earthquakes are associated with PAC subduction and their focal depths are consistent with the PAC geometry proposed by Nakajima et al. (2009) . In the south to northeastern limit of the PHS, the focal mechanisms are plotted in the depth profile along the line b-b′ in Fig. 6c . The earthquakes associated with PHS subduction are shallower by 3-6 km than the PHS upper boundary proposed by Uchida et al. (2010) .
Three-dimensional velocity structure
The root mean square of the total travel-time residuals decreased from 0.49 s to 0.25 s after 26 tomographic inversion iterations. We show the W-E and S-N depth profiles of the tomographic images in Figs. 7 and 8, respectively. The unresolved areas of DWS < 4000 for the P-wave model and of DWS < 1000 for the S-wave model are masked. The spatial patterns for the wavelengths greater than 40 km in the horizontal and 10 km in the vertical directions were robust for the P-and S-waves at depths of 10-30 km in nearly the entire studied region. The velocity structure north of Y = − 20 km has a higher resolution than that of Ito et al. (2017b) at depths of > 20 km.
A region with Vp and Vs values of 7.5-8.5 km/s and 4.0-4.8 km/s, respectively, was imaged beneath numerous low-angle thrust-faulting earthquakes denoted by red circles and the upper boundary of the PAC in Nakajima et al. (2009) . From its location and velocity values, this region likely corresponds to the mantle part of the PAC ("PaM" in the figure). Above the PAC, a region with Vp and Vs values of < 7.0 km/s and < 4.0 km/s, respectively, was imaged at depths of < 25 km in the northern part of the studied region (north of Y = 40 km in Fig. 7 ). This is likely the crustal part of the NA ("NaC" in the figure) because refraction studies suggest that the crust of the NA has Vp values of < 7.0 km/s from the off-Ibaraki to off-Miyagi areas (e.g., Miura et al. 2003; Ito et al. 2005) . Beneath the crust of the NA, a region of Vp and Vs values of 7.0-8.0 km/s and 4.5 km/s, respectively, was imaged.
This region may represent the mantle part of the NA ("NaM" in the figure).
In the south of the studied region, the tomographic image shows a region with a Vp value of 7.5-8.0 km/s above the PAC. This area was observed at depths of 25-30 km at Y = − 40 km and Y = − 60 km in Fig. 7 . A region with a Vs value of 4.0 km/s in the S-wave model was also observed but was unclear owing to the relative insufficiency of the S-wave data. The Vp value is comparable to that in the mantle of the PHS as determined by tomographic studies on land (Vp = 7.5-8.2 km/s) at depths greater than 30 km Nakajima et al. 2009 ). Therefore, this region may correspond to the mantle part of the PHS ( 
RF images
Additional file 1: Figure S6 shows our time-domain RFs at each OBS, where large RF amplitudes are observed near the theoretical travel time of Ps-waves converted at the upper boundary of the PAC. Here, we calculated the travel time using a one-dimensional velocity model derived from the tomographic results in this study and the depth of the upper boundary of the PAC given in Nakajima et al. (2009) . Several peaks are also observed at shorter lag times than the Ps-waves converted at the upper boundary of the PAC, which suggest the presence of interfaces in the overriding NA and PHS plates. We give a detailed explanation of the time-domain RF features in Additional file 1. Figure 9a -c shows the depth profiles A-A′, B-B′, and C-C′ of the depth-domain RFs, respectively, in the northern part of the studied area where the subducted PHS is not present. Each RF section is made by stacking RFs from OBSs within a 50-km-wide box on both sides of each profile in Fig. 4 . The top of the vertical axis (0 km) corresponds to the sea surface.
The positive Ps phase can be traced at depths of 10-15 km and distances of 50-80 km in the A-A′ profile (phase "1" in Fig. 9f ). Below phase "1, " the positive RF phase "2" can be observed at distances of 60-75 km slightly above the upper boundary of the PAC ). Based on their locations and depths, phases "1" and "2" are associated with interfaces in the NA crust. Along the upper boundary of the PAC, we observed several Ps phases with negative polarity, indicated as phase "3, " even though they are not clear. The polarities of the Ps phases from the upper boundary of the PAC are expected to be negative because the Vp value of the upper crust of the subducting PAC (5.0-6.0 km/s) is slower than those of the crust (5.5-7.0 km/s) and mantle (7.4-7.9 km/s) parts of the overriding NA (e.g., Miura et al. 2003; Ito et al. 2005) . Phase "3" may therefore be converted waves from the upper boundary of the PAC. Beneath phase "3, " several Ps phases with positive polarity indicated as phase "4" are imaged. Phase "4" shifts westward with depth. In the B-B′ profile (Fig. 9b) , the same Ps phases as those in profile A-A′ are observed. In the C-C′ profile, phase "2" is clearly observed at distances of 25-50 km. Phase "2" appears to continue to the landward area. We interpret the above-described phases in "Interfaces and velocity structures of NA and PAC" section together with the velocity structure and the hypocenters of the low-angle thrust-faulting earthquakes. Figure 9d and e shows the depth-domain RFs in the southern part of the studied area, where PHS is subducted (Uchida et al. 2009 ). We used the RF data of the OBSs north and south of approximately 35°N for the depth-domain RF, which are projected on the D-D′ ( Fig. 9d ) and E-E′ ( Fig. 9e) profiles, respectively. The horizontal axis is expressed using the X coordinates in Fig. 4 . Note that the RF data in the southern region were compiled primarily from the SPOBS data, which have an ambiguity of 180° in the horizontal orientation. No continuous phase is observed in the E-E′ profile due to the insufficiency and/or low quality of the data. Meanwhile, the most pronounced feature is that the horizontal Ps phases can be continuously traced at a depth of approximately 20 km immediately above the upper boundary of the PAC in the D-D′ profile (phases "5" and "6" in Fig. 9i ). Due to the 180° ambiguity in the horizontal orientation, we also made an RF image in Fig. 9j in which the RF amplitudes are shown by their absolute values. Horizontal Ps phases are also observed in Fig. 9j , as in Fig. 9d . We interpret phases "5" and "6" in "Upper boundary and eastern limit of PHS" section together with the velocity structure and newly proposed upper boundary of the PHS.
Discussion
Interfaces and velocity structures of NA and PAC
In Fig. 10 , we compare the major Ps phases imaged in the RF analysis, the P-wave velocity structure, and the lowangle thrust-faulting earthquakes to interpret the interfaces and the velocity structure in the northern part of the studied area.
Phase "1" is located at Vp values of 5.5-6.0 km/s in the crustal part of the NA. From its location and polarity, we interpreted phase "1" to be the converted waves at the Conrad discontinuity (e.g., Miura et al. 2003; Ito et al. 2005) . Phase "2" was imaged at Vp values of 6.0-7.0 km/s, which are close to the velocities at the bottom of the crust of the NA (Vp = 7.0 km/s) (e.g., Miura et al. 2003; Ito et al. 2005) . We therefore attributed phase "2" to the converted waves at the Moho discontinuity in the NA. Because the Moho discontinuity was not necessarily observed over the entire studied region, we assumed the smoothed iso-velocity contour of Vp = 7.0 km/s to be the Moho discontinuity (the top of the mantle part in the NA). We indicate the smoothed iso-velocity contour of Vp = 7.0 km/s in the P-wave velocity sections north of Y = 40 km by the magenta dashed lines in Figs. 7 and 8.
We interpreted the negative Ps phase "3" to be converted waves from the upper boundary of the PAC based on its polarity and location. The location of phase "3", the hypocenter distributions of the low-angle thrust-faulting earthquakes, and the previously reported geometry of the PAC ). We therefore attributed phase "4" to the converted waves at the Moho discontinuity in the PAC. Simultaneously, we consider Vp values of > 7.5 km/s to be appropriate for the mantle of the PAC in the studied region.
Upper boundary and eastern limit of PHS
We estimated the location of the upper boundary of the PHS based on the velocity structure, the hypocenters of the low-angle thrust-faulting earthquakes, and previous refraction studies. We used the mantle part of the subducting slabs in the tomographic images, the RF image, the crustal thickness estimated by previous studies to define the upper boundary of the PHS because the tomographic results show that the mantle parts of the subducting slabs are imaged well and that the crustal parts of the subducting slabs are not resolved well due to the limited resolution. In the northern part of the studied region, numerous low-angle thrust-faulting earthquakes were observed approximately 6-9 km above the mantle of the PAC (Vp > 7.5 km/s) ( Figs. 7 and 10) . These earthquakes are located at the upper boundary of the PAC as inferred from the RF images; therefore, the crustal thickness of the PAC is thought to be 6-9 km. This is consistent with the PAC crustal thickness of 7-9 km obtained by previous refraction studies (e.g., Miura et al. 2003; Ito et al. 2005) . We applied the above approach to define the upper boundary of the PHS, namely, we used the top of the mantle of the PHS to define the upper boundary of the PHS by referring to the crustal thicknesses obtained in previous studies. We assumed that the iso-velocity contour of Vp = 7.5 km/s indicated the top of the mantle of the PHS Nakajima et al. 2009 ). We indicate the iso-velocity contour of Vp = 7.5 km/s in the P-wave velocity sections at Y = − 40 km and Y = − 60 km in Fig. 7 and at X = − 20 km and X = − 40 km in Fig. 8 by black lines.
We performed a restoring resolution test (RRT) (e.g., Zhao et al. 1992) to examine whether the mantle part of the PHS can be resolved by our dataset. In the test, we calculated synthetic arrival times using the velocity model and hypocenters obtained by this study as the input model, added random noise to the synthetic data with standard deviations of 0.1 s for the P-waves, and then obtained velocity models using the synthetic data. We compared the input velocity model and the RRT result in the N-S cross-sections in Additional file 1: Figure S7 . The mantle parts of the PHS at X = − 20 km and X = − 40 km are restored as per the input model, indicating that the mantle part of the PHS, including the relatively low-velocity part (Vp values of 6.5-7.0 km/s in Additional file 1: Figure S7 ), are well resolved by our dataset.
We attributed the region "PhC", immediately above the mantle of the PHS, to the crust of the PHS as shown in the P-wave velocity sections in Figs. 7 and 8 . The top of the crust of the PHS is represented by a black dashed line at Y = − 40 km and Y = − 60 km in Fig. 7 . The crustal thickness of the PHS is assumed to be approximately 10 km, as estimated by both a refraction study at the Izu-Bonin forearc region (Kamimura et al. 2002 ) and a land-based tomographic study beneath the Kanto region . The Vp values (6.5-7.5 km/s) of the assumed crust of the PHS in this study are nearly the same as those obtained by Matsubara et al. (2005) , who estimated the Vp values of the subducted PHS crust to be 6.4-7.5 km/s at depths of 30-70 km.
The low-angle thrust-faulting earthquakes with orientations consistent with PHS subduction were also used a b c Fig. 10 The major phases in the depth-domain RFs superimposed on the velocity structure in the northern part of the studied area. The major phases are the same as in Fig. 9 . The black circles indicate the low-angle thrust-faulting earthquakes within 10 km of each section Ito et al. Earth, Planets and Space (2019) , and previous refraction studies (triangles). The depths from previous refraction studies are 9 km, 10 km, and 11 km for the upper boundaries of the PHS along a survey line in Kono et al. (2017) and 10 km, 15 km, and 20 km along a survey line in Nakahigashi et al. (2012) . The colors of the symbols correspond to the depth. The green region shows the area where phase "6" (the converted wave at the plate boundary between the NA and PHS) was observed in the RF analysis. The north-south trending curves indicate the iso-depth contours of the upper boundary of the PAC. The black bold and broken lines define the edge of the PHS, and the gray-shaded zone presents the gap between this study and that of Uchida et al. (2009) . b The red and blue lines show the depths of the upper boundaries of the PHS derived in this study and those derived by Uchida et al. (2010) , respectively to determine the PHS upper boundary when they were available. We show these earthquakes as red circles with bold outlines on the P-wave velocity sections in Figs. 7 and 8. Figure 6c also shows the focal mechanisms and locations of the earthquakes used to estimate the upper boundary of the PHS (the magenta focal mechanism in the figure). We propose iso-depth curves of the upper boundary of the PHS in Fig. 11a . We also plot the depths used to draw the iso-depth curves, which were estimated from the top of the crust of the PHS in the tomographic images (denoted by circles), the hypocenters of the low-angle thrust-faulting earthquakes (denoted by stars), and previous refraction surveys (denoted by triangles) Nakahigashi et al. 2012) . The colors of the symbols in Fig. 11a represent the depths of the upper boundary of the PHS. The upper boundary delineated by this study dips toward the northwest, which is nearly parallel to the convergent direction of the PHS. The upper boundary has a saddle-like geometry between 140.5°E and 141.0°E, where the boundary is distorted upward by a few kilometers. This may indicate buckling of the PHS due to its collision with the deeper PAC. The estimated depths of the upper boundary are shown by the red bold lines in Figs. 7 and 8 .
The geometry of the upper boundary of the PHS under the Boso Peninsula has been extensively studied (e.g., Iidaka et al. 1990; Ishida 1992; Sekiguchi 2001; Sato et al. 2005; Hori 2006; Kimura et al. 2006; Wu et al. 2007; Hirose et al. 2008; Toda et al. 2008; Uchida et al. 2010) . Of these previous studies, we compare our results to those of Uchida et al. (2010) in Fig. 11b , as this is the only study that estimated the upper boundary of the PHS not only in the land area but also in the offshore area by analyzing repeating earthquakes and seismic waves converted at the plate boundary. East of 141.3°E, our upper boundary at a depth of 20 km is nearly consistent with that in Uchida et al. (2010) . Conversely, west of 141.3°E, the upper boundaries of the PHS delineated by this study are shallower by approximately 5-6 km and 3 km than those delineated by Uchida et al. (2010) at depths of 15-20 km and 25 km, respectively. Because Uchida et al. (2010) used land-based observations that relied on earthquakes whose depths were not accurate in the offshore area, this discrepancy may arise from our improved hypocenter locations using OBS data.
In Fig. 12 , we compare the depth-domain RFs in the D-D′ profile (Fig. 9j) , the velocity structure (Y= − 20 km in Fig. 7) , and the upper boundary proposed in Fig. 11a . The interface (phase "6") is smoothly connected with the proposed upper boundary of the PHS, which indicates that phase "6" can be attributed to the converted waves at the upper boundary of the PHS. We plotted the area where phase "6" was observed in Fig. 11a . The upper boundary adjacent to the northeast edge of the PHS is delineated for the first time. As shown in Figs. 7 and 8 (and found by Ito et al. (2017b) ), a low-velocity anomaly exists in the crust of the NA at depths of ≤ 15 km in the southern part of the studied region. The bottom of the low-velocity anomaly is located close to phase "5" at X= 20-70 km in Fig. 12 . Phase "5" may therefore be attributable to the converted wave at the bottom of the low-velocity anomaly.
We investigated the geometry of the PHS slab further trenchward by extrapolating the proposed iso-depth curves (the bold red curves in Fig. 11a ) trenchward. The constraint for the extrapolation was that the upper boundary of the PHS must be coincident with the upper boundary of the PAC denoted by the north-south trending iso-depth curves in Fig. 11a at the northeastern limit of the PHS. We manually extended the PHS isodepth curves of 15 km, 20 km, and 25 km trenchward to connect to the same depths of the upper boundary of the PAC, as shown by the red dotted curves. We therefore defined the edge of the PHS (the contact line with the PAC upper boundary), as denoted by the black bold and dotted curve, by connecting the edge at a depth of 15 km and the triple junction. Uchida et al. (2009) proposed the northeastern limit of the PHS based on the slip directions of interplate earthquakes west of 141.5°E. However, the geometry and the presence of the PHS slab to the east of 141.5°E have not been well constrained due to the lack of slip direction data, and the northeastern limit had been estimated by connecting the limit location of the PHS at 141.5°E and the triple junction (the thin dotted curve in Fig. 11a ). The edge defined by this study suggests that the PHS is not present in the gray-shaded zone (the gap between the northeastern limits in the study of Uchida et al. (2009) and those in this study). In other words, the gray-shaded zone is a part of the NA crust. (Kamimura et al. 2002; Nakajima and Hasegawa 2010) and possible serpentine seamounts (Ishii et al. 1992) , respectively. The square shows the study area of Ishii et al. (1992) The geometry of the eastern edge of the subducted PHS near the Sagami Trough may be related to the change in the subduction direction of the PHS. Our study suggests that the eastern edge of the PHS has a northwest-southeast trend between the triple junction and 141.6°E, which changes to a north-south trend north of 34.7°N. The inflection point of the slab edge at 141.6°E and 34.7°N is located approximately 65 km north of the Sagami Trough. Considering the north component of the present relative speed of the PHS and NA (3.0-3.8 cm/a) (e.g., Seno and Maruyama 1984; DeMets et al. 2010) , this inflection point corresponds to the PHS that was subducted at 3.0-2.4 Ma. This is close to the time when the subduction direction changed from northward to northeastward at 1-3 Ma, which has been suggested by previous geological studies (e.g., Yamaji 2000; Kamata 2003; Takahashi 2006) . The change in the subduction direction might result in the inflection of the eastern edge of the subducted PHS slab even though other possibilities, such as the deformation of the thin part of the PHS near the edge due to the interaction with the PAC, may also explain this inflection.
Comparison of the structure to SSEs off Boso
We show the areas of the SSEs that occurred in , and 2014 (Hirose et al. 2014 Sato et al. 2017) in Fig. 13a, b . The area of the 2014 SSEs was reliably determined using data from both GNSS and ocean-bottom pressure gauges immediately above the SSEs , which could constrain the eastern limit of the slip area well. The slip areas larger than 5 cm in 2007, 2011, and 2014 SSEs overlap significantly, and the slip area larger than 1 cm in the 2014 SSEs extends to the offshore area at approximately 141.2°E.
We compared the slip areas of the SSEs with that of the interplate earthquakes found by this study in Fig. 13a . The areas of the SSEs, the regular low-angle thrust-faulting earthquakes, and the great Kanto earthquakes are complementarily distributed in the off-Boso area. Most of the low-angle thrust-faulting earthquakes occurred at 141-141.5°E, which is outside the 2014 SSE area. To the north and west of the SSEs with slips greater than 5 cm, swarms of interplate earthquakes (the orange boxes in Fig. 13a ) took place during the 2007 and 2011 SSEs (Hirose et al. 2014) . The great Kanto earthquakes occurred south of the SSE areas, suggesting a strong coupling at the plate boundary between the PHS and the NA. When the above observations are combined, the SSE areas with slips greater than 5 cm do not overlap the areas of the seismogenic zone of the great Kanto earthquakes and the regular interplate earthquakes. A spatial separation of the slow slip area and the regular earthquakes was also reported for the Hikrangi subduction zone in New Zealand (Bartlow et al. 2014 ) and the Ryukyu Trench (Yamamoto et al. 2018) , likely indicating spatial differences in the fault friction properties on plate boundaries.
To examine the relationship between the structure of the overriding plate and the SSE area, we indicate the slip area larger than 1 cm in the 2014 SSEs (light blue) and the slip areas larger than 5 cm in the 2007, 2011, and 2014 SSEs (black) by lateral bars in Figs. 7 and 8 . In addition, we plot the mantle part of the NA (Vp > 7.0 km/s) in Fig. 13b . It is clear that the large-slip areas of the SSEs in 2007, 2011, and 2014 are exclusively located at the plate boundary of the contact zone between the NA and PHS crusts. The northern edge of the slip area of the 2014 SSEs is coincident with the intersection of the Moho discontinuity in the NA and the subducting PHS (Fig. 13c ). The slip area larger than 1 cm in the 2014 SSEs extends to the region beneath Inubouzaki on the Boso Peninsula. This slip distribution is likely robust because the GNSS data observed at Inubouzaki show significant displacement during the 2014 SSEs (Ozawa 2014; Sato et al. 2017 ). Significant displacement beneath Inubouzaki was also observed during the 2007 SSEs (Ozawa et al. 2007) , and the slip area of the 2007 SSEs might extend to the region beneath Inubouzaki, even though the slip was less than 5 cm there.
The localization of SSEs at the crust-crust contact zone in the dip direction was also observed in the Tokai region (e.g., Kodaira et al. 2004; Matsubara et al. 2009; Kato et al. 2010) . Kato et al. (2010) obtained the velocity structure and the location of the Moho discontinuity by a tomographic inversion and an RF study in the Tokai region, 300 km west of the off-Boso area. The SSE area was limited to the crust-crust contact zone, and deep low-frequency earthquakes only occurred beneath the mantle wedge of the overriding plate, which is consistent with the SSE localization off Boso. They proposed that the variation in the fluid pressure depends on the heterogeneous fluid transport properties in the hanging wall of the plate boundary, which controls the slip properties along the plate boundary.
Low-velocity zone in PHS
The region with Vp = 6.5-7.0 km/s and Vs = 3.3-4.0 km/s, surrounded by white circles in Figs. 7 and 8, is located immediately below the upper boundary of the PHS (the red lines in the figures) and has a thickness of 10-20 km. These velocities are lower than those in the PHS mantle (with Vp and Vs values of 7.5-8.0 km/s and 4.0 km/s, respectively). We believe that this low-velocity region consists of the normal crust and the low-velocity mantle of the PHS, as shown in Fig. 14a. Figure 14b shows the horizontal distribution of the low-velocity region and the normal mantle part of the PHS ("PhM" in Figs. 7 and 8) .
In the RRT (Additional file 1: Figure S7 ), we showed that the low-velocity zone in the PHS can be resolved by our dataset. We performed another RRT to examine whether the low-velocity mantle of the PHS could be an artifact due to the limited resolution. In the test, we replaced the low-velocity mantle with a velocity of 7.5 km/s in the input model, which is the velocity in the normal mantle outside the low-velocity zone, and then calculated the synthetic data. We compare the input velocity model to the result of the RRT in Additional file 1: Figure S8 . The restored model obtained by the synthetic data is 7.5 km/s or higher in the mantle part of the PHS, which is consistent with the velocities in the input model. This RRT indicates that the low-velocity mantle of the PHS is not an artifact due to, for example, limited ray coverage, but is instead a robust feature from our current dataset.
Several land-based studies have reported a low-velocity anomaly in the PHS beneath Inubouzaki on the Boso Peninsula (enclosed in yellow circles in Fig. 14c ) (Uchida et al. 2009; Nakajima et al. 2009; Nakajima and Hasegawa 2010) . The Vp and Vs values of the low-velocity anomaly are < 6.8 km/s and < 3.8 km/s, respectively, which are consistent with the values obtained in this study. The low-velocity region found in this study partially overlaps beneath the coastline with the previously reported lowvelocity anomaly and extends to the offshore area, an area that previous studies did not resolve primarily due to a lack of data in the oceanic area. Uchida et al. (2009) and Nakajima and Hasegawa (2010) suggested that serpentinized peridotite, which formed in the PHS at the Izu-Bonin forearc region prior to subduction, is responsible for the low-velocity anomaly. Uchida et al. (2009) also suggested that serpentinized peridotite is responsible for the weak coupling between the PHS and the PAC because the low-velocity anomalies are distributed in the weak interplate-coupling zone between the two plates. Kamimura et al. (2002) conducted a refraction survey in the Izu-Bonin forearc region ( Fig. 14c ) and found a low-velocity anomaly with Vp values of 6.4-6.8 km/s in the mantle of the PHS 40-130 km from the Izu-Ogasawara trench. Considering that serpentine seamounts were observed in the forearc region (Ishii et al. 1992) , Kamimura et al. (2002) attributed the low-velocity anomaly to the presence of serpentinized peridotite.
We attribute the low-velocity region detected in this study to serpentinized peridotite, as proposed by Kamimura et al. (2002) , Uchida et al. (2009) , and Nakajima and Hasegawa (2010), due to the velocity values and the location of the low-velocity region shown in Fig. 14c . The serpentinized peridotite zone remains after the subduction of the PHS and is likely distributed over a wide area along the subducted PHS.
Conclusions
We performed a tomographic inversion using seismic data of local earthquakes from OBSs in the off-Boso area and land-based stations around the Boso Peninsula. We also applied an RF analysis to teleseismic P waveforms observed at the OBSs. We imaged the mantle parts of the PAC, NA, and PHS in the resulting velocity structure and identified numerous low-angle thrust-faulting earthquakes associated with PAC and PHS subduction. The upper boundary of the PHS near 141.5°E was imaged as seismic velocity discontinuities using the RF analysis. We summarize the conclusions derived from these investigations as follows. In addition, the slip areas of the SSEs are located exclusively at the plate boundary of the contact zone between the crustal parts of the NA and the subducting PHS. The localization of the SSEs at the crustcrust contact zone is delineated for the first time in the off-Boso area. (d) A relatively low-velocity region was detected in the PHS. We suggest that this low-velocity region can be attributed to the normal crust and low-velocity mantle of the PHS. The low-velocity mantle of the
